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A key outstanding question in Martian science is “are the polar caps gaining or losing mass and what are
the implications for past, current and future climate?” To address this question, we use observations from
the Compact Reconnaissance Imaging Spectrometer for Mars (CRISM) of the north polar cap during late
summer for multiple Martian years, to monitor the summertime water cycle in order to place quantitative
limits on the amount of water ice deposited and sublimed in late summer.

We establish here for the first time the summer cycle of water ice absorption band signatures on the
Mars, polar caps north polar cap. We show that in a key region in the interior of the north polar cap, the absorption band
Mars, climate depths grow until Ly = 120, when they begin to shrink, until they are obscured at the end of summer
Ices by the north polar hood. This behavior is transferable over the entire north polar cap, where in late
Radiative transfer summer regions 'flip’ from being net sublimating into net condensation mode. This transition or 'mode
Ices, IR spectroscopy flip’ happens earlier for regions closer to the pole, and later for regions close to the periphery of the cap.

The observations and calculations presented herein estimate that on average a water ice layer ~70
microns thick is deposited during the Ly = 135-164 period. This is far larger than the results of deposition
on the south pole during summer, where an average layer 0.6-6 microns deep has been estimated by
Brown et al. (2014) Earth Planet. Sci. Lett., 406, 102-109.
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1. Introduction

The Martian water cycle is crucial to the understanding of the
dynamics of the atmosphere, surface and sub-surface of the planet
(Clifford, 1993). Since the Viking mission, the north polar cap has
been understood as the key source and sink of modern day Mar-
tian water ice and vapor (Farmer et al., 1976; Kieffer et al., 1976).
The sublimation and deposition of water ice and dust have also
created an important record of layering in the North Polar Layered
Deposits (NPLD) that could unlock the history of the Martian cli-
mate (Fishbaugh and Head, 2005). Recent SHARAD mapping of the
subsurface structure of the NPLD (Putzig et al., 2009) has revealed
a rich history of deposition of dust and water ice.

1.1. General approach of this study

The approach of this study is to use CRISM observations of the
North Polar Residual Cap (NPRC) during summer to quantify the
deposition and sublimation of water ice under the current Martian
climate. We use CRISM spectra and a set of mosaic maps created
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specifically for this project to track spatial and temporal changes in
the depth of water ice absorption bands. Our dataset spans mul-
tiple Martian years, and we use radiative transfer models to in-
fer a snowpack composition that is consistent with the spectra. In
this way, we can address the key Martian climate question of how
much water ice is deposited on the north polar cap during sum-
mertime.

In this study, we map a key spectral parameter called the H,O
ice index, which is sensitive to the 1.5 pwm water ice absorption
band. As discussed in more detail below, the ice index indicates
when water ice is present, and the strength of this index is high
when large grained ice is present.

1.1.1. Detection of water ice deposition events

Fine grained ice has a lower H,O ice index than large grained
ice. We can therefore use relative changes in the H,O ice index to
track deposition events on the north polar cap. This strategy is op-
timal for large scale surveys of the water cycle across the north
polar cap. However, it does have the drawback that it is insensitive
to the type of water ice deposition. Both snowfall (precipitation)
and direct deposition of water ice from the atmosphere produce a
similar effect on the H,O ice index. In addition, due to the over-
flight frequency of MRO, our approach is insensitive to the time of
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day of the deposition events. We discuss the advantages and limi-
tations of our approach in more detail below.

1.2. Previous observations of the NPRC water cycle

Observations of the water cycle on the north polar cap have a
long history. Trying to interpret Viking Infra-red Thermal Mapper
(IRTM) observations, Kieffer (1987) first suggested the possibility
of water ice being deposited onto the north polar cap to explain
summer brightening of the albedo of the cap. Kieffer (1990) sub-
sequently used a thermal metamorphism model and albedo calcu-
lations of ice-dust mixtures to infer that the north polar cap must
be composed of either (1) “old, coarse and clean” or (2) “young,
fine and dirty” ice. The available IRTM data could not discriminate
between these two scenarios. As discussed in Section 5 below, the
present study has revealed new subtleties that reach beyond these
two scenarios of Kieffer (1990). CRISM mapping has identified re-
gions and periods where the water ice of the exposed north polar
cap undergoes 'net deposition’ and 'net sublimation’ modes across
the entire cap, as fine grained ice is deposited on top of relatively
coarse grained ice.

1.2.1. Viking and mariner 9 observations of the north polar cap

Using Mariner 9 and Viking imagery, Bass et al. (2000) deter-
mined that the albedo of the polar cap brightened during late
summer, after darkening in early summer. They performed Mie
sphere-based radiative transfer (RT) modeling to reproduce the ob-
served albedos. They could not determine the size of the H,0 ice
grains or entrained dust grain sizes on top of the cap because
the Viking and Mariner cameras provided only broadband visible
albedo measurements.

Bass et al. (2000) suggested that in order to match their RT
model to their broadband albedo observations, fresh layers of wa-
ter ice must be deposited during late summer - with deposition
depths that total at least 14 microns (for small grains) or 25 mi-
crons (for large grains) per season. This compares relatively well
with the earlier findings of Hart and Jakosky (1986) who found
that at the Viking 2 lander site, a decrease of 5% in reflectance cor-
responded to 10 microns of water ice deposited during one Mar-
tian summer.

Bass et al. (2000) critically examined Kieffer's two scenarios of
’old, coarse and clean’ vs. 'young, fine and dirty’ for the north polar
snowpack. They preferred the explanation of deposition of new ice
rather than creation of suncaps or cracks (Bass et al., 2000, p. 390)
because cracking would require the preservation of older ice with
lower albedo, which they considered less likely. Bass et al. also es-
tablished that the albedo brightening was not due to cloud activity
by establishing that there is no increase in albedo from dark areas
adjacent to the bright cap.

Bass and Paige (2000) used Viking IR thermal mapper (IRTM)
and Mars Atmospheric Water Detector (MAWD) measurements to
determine the peak amount of water vapor above the north polar
cap. They found that the cap visible albedo was lowest between
Ls = 93-103 and significant amounts of water vapor began to be
released around Ls = 103. This was accompanied by an increase
in cap albedo. Observed surface temperatures of the cap were too
warm for re-deposition of CO, ice. They presented a model (their
Fig. 11) of the NPRC ice cap as a cold trap for water vapor. Un-
der this model, sublimation of water ice during spring and sum-
mer builds up water vapor in the atmosphere until Ly = 103, after
which time the water vapor is deposited as fine grained H,O ice
accumulated on top of the cap, as temperatures cool in late sum-
mer. We will test and extend this depositional model hypothesis in
Section 5 of this paper.

1.2.2. Mars global surveyor observations of the north polar cap

Kieffer and Titus (2001) utilized Thermal Emission Spectrome-
ter (TES) data to map the retreat of the north polar seasonal cap
using surface temperature measurements. The main focus of their
study was the dynamics of CO, ice; however they did observe
increases in albedo which they attributed to deposition of fine
grained water ice. In addition, Kieffer and Titus tracked a bright
but warmer (i.e. non-CO,, ice) annulus that tracked the retreating
CO, cap, and suggested it was a water ice annulus.

Pankine et al. (2010) used TES measurements to determine the
amount of water vapor over the north pole during the northern
spring and summer of Mars Year (or MY, for details see Clancy
et al,, 2000) 24-27. Pankine et al. found that the amount of wa-
ter vapor peaks in summer over the north polar cap between
Ls = 105-115 at 80-90 precipitable microns (pr-p.m) over the 85—
87¢ latitude range. These results showed a good match for the Bass
et al. observations but also displayed a wider range of latitudinal-
dependent timings for peak values of water vapor.

1.2.3. Mars express observations of the north polar cap albedo

Langevin et al. (2005) used OMEGA near infrared (NIR) obser-
vations to document the north polar cap albedo during early sum-
mer (Ls = 93-127). They found that the NIR albedo decreases, and
attributed this as due to the growth of water ice grains. Langevin
et al. interpreted this increase in grain size as due to fine grained
ice being stripped from the NPRC and thereby exposing older, large
grained ice to the surface. It is also likely that thermal metamor-
phism (Eluszkiewicz, 1993; Ossipian and Brown, 2014) plays a role
in the increase of grain sizes during early Martian summer. Fol-
lowing the Langevin et al. finding that the NPRC is currently los-
ing mass, Byrne (2009) suggested that “due to its thin nature this
situation cannot persist for long”. The residual ice cap on top of
the NPLD is thought to be approximately one meter thick (Byrne,
2009). It is thus important to establish the full summer sublima-
tion/condensation cycle to understand the stability of the top lay-
ers of the NPLD.

1.3. Previous numerical modeling of the NPRC water cycle

Numerous computational models have been used to investi-
gate questions of water ice transport and deposition of volatiles
on the Martian polar caps, with varying degrees of physical fi-
delity. For example, on the less complex side, Haberle and Jakosky
(1990) used a 2D transport model to assess the ability of the
north polar cap to supply water to the atmosphere. Simple one di-
mensional energy balance models have also been used to investi-
gate the springtime eruption of geysers in the south polar region
(Kieffer, 2007; Pilorget et al., 2011).

On the more complex side, Global Circulation Models (GCMs)
have also been used to address polar energy balance questions. For
example, Pollack and Haberle (1990) used a 3D GCM to investigate
the effect of dust on the condensation of CO, ice in the polar re-
gions. Houben et al. (1997) used a simplified GCM and discovered
that cold trapping on the retreating seasonal cap was an efficient
process for moving water ice to the NPRC (see also Titus et al.,
2008).

1.3.1. Mesoscale modeling of the NPRC water cycle

Standard GCMs generally have difficulty mapping the polar re-
gions. There are two key reasons for this. The first difficulty is
the so-called “pole problem” that is due to the fact that standard
GCMs use rectangular coordinates which have a singularity at the
pole where the gridpoints converge. In these models it is necessary
to use polar filters to smooth out regions close to the pole (Lian
et al,, 2012). The second difficulty is spatial resolution - a typi-
cal global Mars GCM is run at 5° of latitude and 6° of longitude,
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Fig. 1. MARCI image of north polar cap in MY 28 at Ls = 130 (mid-summer) showing location of CRISM spectra from Fig. 4 (Point B). Outermost latitude circle is 75°N.

and this is simply insufficient to capture the complex topography,
cloud patterns and wind vectors in the north polar region (Tyler
and Barnes, 2014). As a result, mesoscale modeling is required in
order to better understand the dynamics of the Martian polar re-
gions. Mesoscale models achieve higher resolution over a certain
region of the planet, making them very CPU-intensive computer
programs that require human intervention and judgment. For ex-
ample, their boundary conditions are required to be sourced from
"suitable’ global scale GCM runs.

Tyler and Barnes (2005) reported the results of first mesoscale
modeling in the Martian polar regions. They conducted three
mesoscale simulations of the entire north polar cap at different pe-
riods in the Martian summer: Ly = 120, 135 and 150. In this model,
the atmosphere was dry and therefore sublimation and condensa-
tion rates of water ice were not simulated. Subsequently, Tyler and
Barnes (2014) published the results of a “wet” mesoscale model
which included clouds (which were not, however, radiatively ac-
tive) and a water ice condensation/sublimation scheme. This model
simulated a period of 20 sols (Martian days) after Ls = 120, and
had a highest resolution grid of 15 km on the surface. Their key
findings (for the purposes of this paper) were as follows:

o they produced a 20 sol diurnal mean sublimation map of the
polar cap at 15 km resolution, showing highest sublimation
rates around the periphery of the cap, peaking at 50 microns
around the cap edge (their Fig. 12a),

they presented a condensation map of the water ice deposition
by snowfall and direct deposition, showing deposition mostly
on the interior of the cap, peaking at 5 microns per day (their
Fig. 12b).

they calculated the net condensation on the cap to be 6% of the
net sublimation of the cap at this time, reflecting the relatively
warm mid-summer period at Ly = 120.

The key findings of this recent numerical study allow us to put
the results of the current study in better context, and also to de-

termine the locations and periods where observations and models
currently agree and disagree.

2. Methods
2.1. Instruments

We have used observations acquired by two separate instru-
ments to conduct our study of the north polar cap. The Compact
Reconnaissance Imaging Spectrometer for Mars (CRISM) is a visible
to near-infrared spectrometer on the MRO spacecraft that is sen-
sitive to near infrared (NIR) light from ~0.39 to ~3.9 wm and is
operated by the Applied Physics Laboratory at Johns Hopkins Uni-
versity (Murchie et al,, 2007). The MARs Color Imager (MARCI) is
a super wide angle, fish eye lens camera with 1024 pixels-wide
CCD, also on MRO, that is operated by Malin Space Science Sys-
tems (Malin et al., 2001).

In the CRISM mapping mode, 10x binning is employed in
the cross-track direction, consequently the mapping images used
herein are 60 pixels across, covering approximately 10.8 km on the
surface with a ground resolution of ~182 m per pixel. The length
of each swath is controlled by exposure time and is variable de-
pending on commands sent to MRO.

We produced 1000 x 1000 pixel mosaics of all the CRISM map-
ping data available for each two week period (equivalent to one
period in the MRO planning cycle). We performed a “cos(i)” cor-
rection to account for variable illumination angles for all CRISM
data. Each mosaic is presented in polar stereographic projection
and stretches down to 72°N at the cardinal points. Fig. 1 shows
the area covered by each mosaic as a MARCI image of the north
polar cap.

2.2. Hy0 ice index

Surface water ice can be mapped by applying spectral band fit-
ting techniques (Brown, 2006; Brown et al., 2008b) on the near
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infrared mosaics and exploiting the strong 1.25 pm and 1.5 pm
water ice absorption bands (Bibring et al., 2004; Langevin et al.,
2005; Brown et al., 2012).

Throughout this paper, we will refer to a spectral parameter
we call the “H,0 ice index” that was first suggested by Langevin
et al. (2007) and later adjusted for use with CRISM by Brown et al.
(2010). The formula for the index is:

R(1.5)
R(1.394)°7R(1.75)"3

where R(A) indicates the reflectance at the wavelength XA in pm.

H,Oindex =1 — (1)

2.2.1. Physical basis of the H,0 ice index

The H,0 ice index is based on the depth of the water ice
1.5 pwm absorption band. When water ice is present, the 1.5 pm
absorption band appears and thus the R(1.5) factor in the sec-
ond term decreases. Since this factor is subtracted from 1, the
overall index therefore increases. As water ice grains grow, the
R(1.5) factor continues to decrease and the index continues to
grow. The index is therefore higher when large grained water ice
is present (Warren, 1982; Brown et al.,, 2008a). When deposition
of fine grained ice occurs, the R(1.5) factor increases (and the H,O
ice index decreases), because finer grained ice scatters light back
to the observer more readily (Warren, 1982) and this in turn de-
creases the depth of the 1.5 wm H,0 ice absorption band. Thus
over the course of a Martian summer, when fine grained water ice
is deposited onto the north polar cap, we should recognize a trend
for increasing H,0 ice index. We will show in the results section
that we can indeed identify this trend and use it to detect and map
deposition events.

2.2.2. Error analysis of the H,0 ice index

For this study, we have made no effort to remove atmospheric
effects from the CRISM data. We will now examine the possi-
ble errors in the derived H,O ice index that could result from
this processing simplification. Our desired goal is to determine
the chance that we have made an error when we claim to have
detected a change of 0.1 in the H,O index in our subsequent
analysis.

2.2.2.1. Effects of instrumental noise on H,O ice index. In the near
infrared spectral region around 1.5 pwm, the uncertainty introduced
by instrumental noise is minimal, since CRISM signal to noise
(SNR) at 1.5 wm is ~400 (Murchie et al., 2007). The noise profile
of the CRISM instrument has changed over time; however, for this
study, we use observations from the 2006-2010 period, when the
instrument was still in an extremely healthy state. Therefore we
assume the SNR = 400 over the region of the H,0 index. To claim
detection of the desired H,O index change of 0.1 would then lead
to errors (1/400)/0.1 = 2.5% of the time.

2.2.2.2. Effect of haze and clouds on H,0 ice index. We wish to
quantitatively examine the rise and decline of the H,O index,
therefore the effect of fine grained water ice clouds in the Mar-
tian north polar region on this parameter is critical to under-
stand. We carried out a study of CRISM observations of the
Phoenix site (described fully in Appendix A) and arrived at an
error estimate for the atmospheric effects on the H,O index
of +0.01. This roughly equates to a potential 10% error due
to atmospheric effects, since the significant findings discussed
in Section 3 below rely on changes of around 0.1 in the H,0
index.

For a typical Martian north polar spectrum, the presence of a
saturated 1.5 wm absorption band is indicative of ice grains greater
than 100 microns in diameter on the surface of the planet (Brown
et al., 2008a, 2012). Water ice grains of this size would not have a

long residence time in the thin Martian atmosphere, therefore they
cannot be confused with fine grained water ice clouds, such as
those detected above the south polar cap by CRISM in early spring
(Brown et al., 2010).

In addition, Clancy and Lee (1991) conducted a study using
Viking IRTM emission phase function data and found that brighter
(icy, 50-75% albedo) surfaces are less affected by atmospheric
interference than dark surfaces (of 10-30% albedo). They found
bright surfaces on Mars appear typically only 10% darker that their
true albedo when observed by orbiting spacecraft. This agrees well
with our assessment of a potential 10% error in the H,O index due
to atmospheric effects.

2.2.2.3. Effects of dust on the H,0 ice index. Recent studies have
also highlighted the role of atmospheric dust in affecting the ap-
parent albedo of the north polar cap. Cantor et al. (2011) used
MARCI visible image data to track dust storms and changes in the
albedo of the north polar cap. They showed that traveling spiral
dust storms often intersect the cap edge during summer. For ex-
ample, Figs. 18 and 20 of their paper show the process of dust de-
position causing a rapid decrease in albedo (especially on the edge
of the cap) during storms in late summer. Therefore, dust has the
effect of darkening the polar cap, whereas in this study we are in-
terested in the phenomenon of cap brightening.

Calvin et al. (2014) reported on MARCI observations of simi-
lar albedo variations over three summers (MY29-31) and noted
a decrease in albedo up to Ly = 95, followed by brightening over
large regional areas, especially the Gemini Scopuli region colloqui-
ally known as “Shackleton’s Grooves”. Wide interannual variability
was noted in that paper over smaller sections of the NPRC such as
Abalos Mensae, Olymipia Cavi and Olympia Undae, and the lower
elevation fringes of Gemini Lingula, but that study did not explore
the albedo increases on the higher elevation NPRC residual ice dis-
cussed in this paper.

Summarizing these results we can say that the effects of dust
on the H,0 index are difficult to quantify. However we can state
that because our major results rely on observations of increasing
albedo (which is the opposite effect expected for dust deposition)
we believe our findings will remain robust despite the presence of
mobile dust on the NPRC.

2.2.2.4. Total error estimate for H,O ice index. We therefore have
been able to estimate the effects of instrumental (+2.5%) and
atmospheric (+10%) effects. Assuming these errors are sta-
tistically independent, and using the relation total error =
SqTE(erToTinstrumental®+ erroratmosphemz) the instrument error gives
only an additional 0.31% to the atmospheric error. Rounding to one
significant digit, we use + 10% for the relevant error estimate when
quoting values for the H,O ice index later in the text.

2.3. Timing of north polar hood obscuration

In the north polar region, we have known since the Viking mis-
sion of thin spiral vortex clouds that appear to form near the cap
edge and move south toward the equator during summer (French
and Gierasch, 1979; Kahn, 1984). Multi-year observations of the
north polar cap during summer (Cantor et al, 2002; Tamppari
et al.,, 2007; Wang and Ingersoll, 2002) have shown spatial and
temporal repeatability in several cloud forms which has led to the
identification of a “storm zone” that is active in late summer be-
tween Alba Patera and the north polar cap.

Our observations of MARCI mosaic images for MY28 and 29
over the north polar cap show that the early summer period
(Ls = 100-120) is almost completely clear of clouds. After Ls = 120,
the aforementioned patchy baroclinic (vortex) clouds appear. By L
= 140, there are multiple cloud systems around the cap, though
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Fig. 2. MY 28 northern summer H,O ice index mosaics. Note high H,O index over the polar ice cap that decreases as summer progresses. Outermost latitude circle is 75°N.
See text for discussion. (For interpretation of the references to color in this figure, the reader is referred to the web version of this article.)

apparently not over the NPRC itself. By Ls = 150, a thin haze of
cloud envelops the entire pole out to around 60°N. Around Ls =
160-165, the haze rapidly changes into the thick cover known as
the north polar hood. Benson et al. (2011) used the Mars Climate
Sounder infrared instrument on MRO to show that the transition
to the thick hood occurs at Ls = 165 in the thermal infrared (see
especially their Fig. 3b and c).

We have carried out an analysis (described fully in the Ap-
pendix) to estimate when the north polar hood has become too
optically thick for reliable quantification of ice deposition. Our
best estimate is that the polar hood becomes obscuring in the
near infrared spectral region at Ly = 165. This is in good agree-
ment with the results of Benson et al, despite the fact that
MCS is sensitive to longer wavelengths (thermal infrared) than
CRISM (near infrared). Note that the visible observations (such as
those measured by MARCI) are affected more rapidly by the po-
lar hood - the visible albedo is markedly obscured by around
Ls = 150.

3. Observations
3.1. Spatial analysis-grain size and albedo maps

Pole-wide maps of the H,0 ice index and albedo are presented
in Figs. 2 and 3. High values are shown in red and low values are
shown in blue. These show that the H,0 index decreases over large
regions of the central cap in the Ly = 132-167 period and outlines
the spatial extent of this effect. It is readily apparent from the red
color that changes to green in the later mosaics that the H,O index
decreases across the entire cap during this time. On the periphery
of the cap, a blue region of low H,0 index persists throughout late
summer.

3.1.1. Depositional patterns

As can be seen from the CRISM mosaics, the H,O index de-
crease is confined to the boundary of the north polar cap, and
does not extend beyond the cap edge. This argues against an
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Fig. 3. MY 28 northern summer 801 nm albedo mosaics. Note albedo is relatively steady (compared to the H,0 index in Fig. 2) over the polar ice cap and slightly increases
in the last panel. Outermost latitude circle is 75°N. See text for discussion. (For interpretation of the references to color in this figure, the reader is referred to the web

version of this article.)

atmospheric origin for this process, since CRISM has previously
been shown to be capable of detecting thin Martian water ice
clouds extending beyond the edge of the cap in the southern polar
region (Brown et al., 2010).

3.2. Temporal analysis - spectral time series from 'Point B’

Unfortunately our CRISM mosaic coverage does not extend over
the complete summer period, however to bridge this gap we have
examined individual CRISM images that have been obtained re-
peatedly on some important locations on the cap. One such point
is called 'Point B’. Fig. 4 shows a time series of individual spectra
(no averaging has been done) from 45°E, 85°N (point 550, 550 on
our 1000 x 1000 pixel mosaics). This is as close as we could get
to a point examined by Langevin et al. (2005) which they termed
‘Point B’ at 42.5°E, 85.2°N. This is very close to the point called
‘McMurdo’ in the Calvin and Titus (2008) study, and was also ex-
amined in Fig. 7 of the Byrne et al. (2008) study. This location was

also called the 'Cool and Bright Anomaly’ (CABA) region by Kieffer
and Titus (2001). The two points, 'Point B’ and 'McMurdo’ are both
on the spur connecting Planum Boreum (the main part of the cap)
to Gemini Lingula (the tongue below the main body in Fig. 1).
Figs. 2 and 3 mosaics support the assumption that spectra of 'Point
B’ and 'McMurdo’ behave similarly during late summer, therefore
we have some justification for only conducting an exhaustive study
of the spectral time series from ’Point B’ in this study.

3.2.1. Timing of NIR albedo increase at Point B

Our best estimate of the timing of the albedo increase at Point
B comes from Fig. 4, which shows all the available NIR spectra
for MY29 at this location. The spectra decrease from Ly = 90-115,
then hold steady until Ls = 135.25 when the spectrum amplitude
begins to increase again. Observations are ended when the polar
hood fully obscures the cap.

It is of interest to note the albedo at ~1 pm remains
steady across the late summer, as has been reported by
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NIR albedo decreasing with time
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Fig. 4. CRISM spectra from Point B for summer of MY 29. All spectra are from x=550,y=550 in our 1000 x 1000 pixel mosaics. Spectra on left show decreasing albedo
(increasing H,0 index) and those on the right show increasing albedo (decreasing H,0 index) with time. Note lowest 1.5 pwm albedo (largest H,O index) is achieved both

years in Ly = 122-135 period.
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Fig. 5. (Left) CRISM Mapping spectra H,O ice index taken from points close to Point B from MY 28-30 during Ly = 90-170 (early-late summer). Note decrease in H,O index
after L;=120 is apparent across all three Mars years. (Right) CRISM spectra 801 nm albedo (which is relatively constant) for Ly = 110-170 for same locations and Mars years.

Calvin and Titus (2008) and Byrne et al. (2008). This is because
for a water ice spectrum, the 1 pm region is less sensitive to grain
size changes than the NIR (Grenfell et al., 1981, Fig. 3) particularly
in the presence of contaminants, which serve to control the visible
albedo (e.g. on Mars). This is discussed further below (Section 4).

3.3. Interannual analysis - variations in H,0 index

The H,O0 ice index tracks the depth of the 1.5 pm absorption
band, so as the NIR albedo decreases in early summer, the H,0
ice index increases. In late summer, the albedo increases and the
H,0 ice index decreases. In order to establish that this process is
a multi-year cycle, we have extracted individual spectra from re-
gions close to Point B and have plotted the H,O ice index for these
spectra in Fig. 5. Observing the H,O ice index curves from MY28,
29 and 30, one can see that the H,O index at Point B behaves in
a similar manner (i.e. it increases until Ly = 120, then decreases)
through summer across multiple Martian years.

4. Radiative transfer modeling

We have carried out radiative transfer modeling using a model
of the Martian snowpack based on DISORT (Stamnes et al., 1988),
which is a layered, multiple scattering model that allows us to ap-
proximately quantify the composition of the observed snow pack
using CRISM spectra. The fitted spectra were all taken from Point
B in MY28 in mid to late summer and are shown in Fig. 6a and b.

The aim of our modeling is to constrain the question - what
amount of deposition of fine grained ice will reproduce the spec-
tral changes we see between Ly = 135.25 (mid-summer, when the

NIR spectra at Point B begin to increase) and Ls = 163.85 (late
summer)? Since we have the H,0 ice index for both these spectra,
we will use our model to estimate how much water ice deposition
corresponds to the observed change in the H,O ice index.

4.1. Near infrared and visible albedo decoupling of water ice

Pure water ice is extremely transparent in the visible and ex-
tremely absorbing in the near infrared. This leads to a decoupling
of visible and near infrared spectral responses. When contaminants
are present in ice (as in a dusty snowpack) the visible albedo is
greatly diminished. However, in the near infrared, where water ice
is strongly absorbing, the scattering properties of the contaminant
can only have a minimal effect on the NIR albedo of the mixture.
Thus, the controlling factor in the NIR is the grain size of the highly
absorbing water ice. This decoupling effect has been known for
some time (Warren and Wiscombe, 1980) and has been observed
in the Antarctic (where the water ice is much cleaner than the
Martian north pole and visible albedos are higher, usually >0.9)
(Grenfell et al., 1994). This decoupling is the key to why CRISM NIR
observations can be confidently used to determine ice grain sizes
- by fitting our model to the NIR spectrum, any variations that we
see are largely due to grain size changes and not the product of
contamination by dust.

4.2. Snowpack model
The task of modeling the infrared albedo of an ice pack is

challenging (Warren, 2013; Becerra et al., 2015; Kaufmann and
Hagermann, 2015), therefore we simplified our model as much as



408 AJ. Brown et al./Icarus 277 (2016) 401-415

Point B MY28 Ls=135.25

0.45

0.40

CRISM MSP

DISORT
snowpack

0.35

0.30

0.25

0.20

Reflectance

0.15

0.10

|

1,500

0.05

0.00

1,000 2,000 2,500 3,000

Wavelength (in nm)

3,500 4,000

Point B MY28 Ls=163.85

CRISM MSP

DISORT
snowpack

0.30

0.25

0.20

Reflectance

0.15

1,000 1,500 2,000 2,500 3,000

Wavelength (in nm)

3,500 4,000

Fig. 6. (a) (Left) Point B spectrum from MY 28 L = 135.25 (blue) compared with DISORT snowpack models of dust mixed with water ice (red). (b) (Right) As for (a),
however, the season is late summer (Ls = 163.85) and the fit includes a layer of fine grained ice resulting in a higher infrared albedo. An atmospheric CO, band at 2000 nm
is responsible for the poor fit in that region. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)

Table 1

Details of the best fit parameters for the DISORT snowpack to the CRISM spectra in Fig. 6. The fit was applied over the spectral range from 1.02 to 2.5 microns. In this range,
using wavelengths from the CRISM MSP observations, there are 42 CRISM channels. The H,0 index for each spectrum and the x? fit for each is also provided.

Component Reference

(x2 fit = 1.567)

Ls = 135.25 H,0 index = 0.692

Ls = 163.85 H,0 index = 0.495
(x2 fit = 0.769)

Effective grain
diameter (microns)

Optical depth Effective grain

diameter (microns)

Optical depth

Coarse H,O0 ice
Fine H,0 ice
Palagonite (soil)

Warren (1984) 1101.2
Warren (1984) 0.00
Roush et al. (1991) 142.6

DISORT Snowpack Model Parameters

Number of layers

Number of streams

Type of phase function

Number of Legendre coefficients in phase function expansion
Number of computational polar angles

Bottom surface

2.36 1813.3 0.80
0.00 533 153
1.56 150.1 2.00

3

32
Henyey-Greenstein
33

4

Lambertian, alb = 1

possible and set our goals as conservatively as possible. Extensive
terrestrial snowpack radiative transfer studies exist using DISORT
to represent a coupled snowpack-atmosphere system (Jin et al.,
1994; Hamre et al., 2004; Stamnes et al., 2011). In our implemen-
tation, because the Martian atmosphere is so thin, we conducted
no atmospheric removal, as discussed earlier.

Following previous terrestrial studies (Grenfell, 1991; Stamnes
et al., 2011), to generate our snowpack model, we use the simpli-
fying assumption that each Martian water ice grain scatters like a
sphere. We are then deriving an “equivalent radius” for that sphere
in our model. The reason why this approach is successful in the
terrestrial context was described in this way by Craig Bohren, (also
quoted in Grenfell et al., 1994)

“The orientationally averaged extinction cross section of a con-
vex particle that is large compared with the wavelength is
one-half it’'s surface area. The absorption cross section of a
large, nearly transparent particle is proportional to its volume
almost independent of its shape. The closer the real part of
the particle’s refractive index is to 1, the more irrelevant the
particle shape. The asymmetry parameter of large particles is
dominated by near-forward scattering, which does not depend
greatly on particle shape.”

In addition, as is the common practice when modeling terres-
trial snowpacks (Hamre et al., 2004; Stamnes et al., 2011), we used
a Henyey-Greenstein (HG) phase function within DISORT, and fed
the HG phase function with an asymmetry parameter derived from
Mie calculations. Unlike Stamnes et al. (2011), we used actual Mie
calculations rather than geometrical optics derived parameteriza-
tions.

Our modeling goal is to quantify the amount of fine grained
water ice deposited between two points in time. To that end, we
created a three-layered model using (1) fine grained ice, (2) coarse
grained ice and (3) dust. We used the optical constants of water
ice (Warren, 1984) and palagonite (Roush et al., 1991) as a Martian
dust analog. The parameters of our DISORT snowpack are given in
Table 1.

4.2.1. Ly = 135.25 spectrum

In the first run, we attempted to match the MY28 Ly = 135.25
spectrum from Fig. 6a. For this run only, we omitted the fine
grained ice layer, and fitted the spectrum with only coarse gained
water ice covered by dust. We carried out a constrained iterative
fit, as described in Brown et al. (2014) utilizing the Nelder and
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Mead simplex algorithm (Nelder and Mead, 1965), and using the
chi-squared x2 metric to constrain our fit.

We used the Nelder and Mead simplex algorithm to find a good
fit to the spectrum by varying the diameters and relative quantities
of the coarse grained ice and dust components. We found a good
fit to the data was achieved when the coarse grain diameters were
~1100 microns with an optical depth of 2.36. The dust was best
fit by an effective grain diameter of ~143 microns with an optical
depth of 1.56. These results are summarized in Table 1.

The best fit of the effective grain diameter of the dust parti-
cles is two orders of magnitude greater than the diameter of typ-
ical atmospheric-borne Martian aerosols (~1 to 5 microns Wolff
et al., 2009). This suggests that the grains responsible for the dark-
ening of the north polar snowpack at Point B must have undergone
coagulation, or may in fact be sand sourced from the dunes sur-
rounding the cap. It should be borne in mind that we are quoting
an average value and we have made no attempt to constrain the
true size distribution, which would involve significant assumptions
and complications that are not warranted for the purposes of this
study.

4.2.2. Ly = 163.85 spectrum

In our second run, we tried to model the Ly = 163.85 spectrum
using a ceteris paribus assumption (Reutlinger et al., 2011). Our
“ceteris paribus” assumption attempts to change just one variable,
while leaving everything else the same. We therefore attempted to
keep the coarse grained ice and dust diameters roughly the same
as in the first fit, however some changes were necessary to achieve
a good fit.

In our second run, we introduced a fine grained layer on top of
the dust and coarse snow. We fixed our fine grained ice component
to an effective diameter of ~50 microns because this is the most
recent estimate of typical average water ice grain sizes within Mar-
tian north polar clouds (Lemmon, 2014) and may thus be a good
size for freshly deposited snow particles.

When we carried out the fit to the Ly = 163.85 spectrum, we
found that the best fit was achieved when we used a fine grained
(diameter of 53 microns) water ice layer with an optical depth of
1.53. The results of the fits are also summarized in Table 1.

4.3. Quantification of deposition

In order to estimate how much water ice has been deposited
on the north polar cap between Ly = 135 and Ls = 164 it is nec-
essary to make some simplifying assumptions. We adopt a simple
model by which we can convert the optical depth in the snow-
pack to the height of a layer of water ice using Eq. (11) of Stamnes
et al. (2011):

T

"= NG )

where h is the height of the snowpack, r is the effective radius of
the particles (here 26.7 microns), t is the derived optical depth (7
= 1.53 for the fine grained ice layer), and Q, and Q, are the ab-
sorption and scattering coefficients of water ice. We take Q; and
Qy, to be their values at around 1.5 pm, Q; = 1 and Q, = 1.5. N =
(1/(4/3)713)ps/p; is the total number of particles per unit volume.
ps is the density of snow and p; = 0.917 g/m3 is the density of wa-
ter ice. Freshly fallen terrestrial snow typically has ps = 0.1 g/m3
and therefore N = 4516.6. Putting these values into equation 2,
we get a height of 5.6 cm of freshly fallen snow at Point B in late
summer. If we instead assume that the water ice is directly con-
densed onto a relatively dense compacted snowpack (in this case
typically ps = 0.8 g/m3) we derive a height of 7.05 mm. We will
work with the latter estimate going forward, although it should be
emphasized that we have no evidence at this time that the freshly

(2)

Table 2

Details of the net changes in H,0 index from Ls = 132-167 during MY28 for regions
experiencing net deposition and net sublimation. Regions poleward of 87° are ex-
cluded. We have calculated the spatial area of the cap covered by each type, taking
into account the polar projection of the data. We have used this area to compute a
weighted average H,O index per pixel and then summed the index values for each
pixel. We have used the results of our RT model to convert the H,0 index change
into the net water transported in or out of these regions in 10° kg/day. The total
cap area (excluding regions poleward of 87°N) is taken to be 1.5 million sq. km
(Brown et al., 2012).

Region type Percent Weighted Change in Avg surface
covered avg H,0 thickness of water change
of cap index per snowpack over  on cap (10°
() pixel (A) period kg/day)

Net deposition  68.8 0.117 4.2 mm 0.079 + 10%

Net sublimation 31.5 —0.080 —2.8 mm —0.054 + 10%

deposited snow scenario is incorrect. In situ or experimental mea-
surements of Martian snowpack formation under realistic condi-
tions would be of great benefit to improve this model.

When we take into consideration that the change in H,0 index
at Point B over the same time is 0.692 — 0.495 = 0.197, we are
lead to an estimate of 35.7 mm of deposition per unit change in
H,0 index.

To convert the thickness of the snowpack change into an esti-
mate of the mass of water deposited (in kg) we use the simplified
linear relationship (non-linear terms are not considered here), with
the aforementioned H,0 ice index to snowpack depth change fac-
tor of 35.7 mm explicitly included:

MaSSgeposiced (iN kg) = o' (35.7) Ax10° (3)

where « is the area of the cap (estimated as 1.5 million sq. km), I"
is the percentage of the cap covered by the condensing or sublim-
ing regions and A is the average value of the H,O index for con-
densing or subliming regions (I" and A are given in Table 2). We
will now apply this estimate to the entire cap using the observed
changes in H,O index over the late summer period.

4.3.1. Net deposition and sublimation spatial regions

Fig. 7 shows difference maps displaying the change (or delta)
in H,O index between each mosaic in Fig. 2. Because the differ-
ence maps only show information in regions where both times had
data, fewer data points are available in these mosaics. Therefore, to
create these difference maps, an interpolation method was used in
order to increase the coverage of each CRISM swath. Two runs of
interpolation were executed, each run copied the value of immedi-
ately adjacent pixels to any blank pixels. No data was discarded in
this process.

The bottom right image (Fig. 7d) shows the H,0 index differ-
ence across the entire set of late summer mosaics. Assuming that
the observed change in H,O index is due to deposition or sublima-
tion of fine grained water ice, we can capture the cross-cap vari-
ability of the seasonal deposition and sublimation of water ice and
better quantify the amount of water ice transported around the
cap. Here, red indicates a decrease in H,O index (net deposition
region), blue indicates an increase in H,O index (net sublimation
region).

We therefore use Fig. 7d, which gives the total H,O index
change across the period of Ly = 132 to 167 in MY28 to identify
'net deposition’ and 'net sublimation’ regions. We calculate pixel
by pixel the average H,0 index change across this area. We then
transform this into an equivalent thickness of water ice deposited
using Eq. (2). Finally, we use Eq. (3) to transform that thickness
into an estimate of the mass of water ice deposited or sublimated
per day on the entire cap. The results are summarized in Table 2.

Ls = 135.25 corresponds to Mars sol 289 and Ls = 163.85 corre-
sponds to Mars sol 343 of MY 28. Therefore, over a period of 54
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Fig. 7. Difference maps showing the change in H,O index between each mosaic in Fig. 2. The bottom right image shows the H,0 index difference across the entire set of
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of this article.)

Martian days, 5.15 x 10° kg of water ice was deposited on the
polar cap, on average 0.079 x 10° kg per day. In the same pe-
riod, 0.054 x 10° kg were lost from regions of sublimation per
day. The error bars on these estimates are +10%, as derived in
Section 2.2.2.4.

In Fig. 7, we can see that the depositional areas are concen-
trated in the central regions of the cap during late summer. It
is also likely that the region CRISM cannot observe (poleward of
87°N) is a relatively large depositional region. By excluding this re-
gion, we are effectively providing a low estimate of the amount
of water ice deposited on the polar cap. If we simply assume this
region has the same deposition behavior seen at Point B, with
roughly 7 mm of deposition over 54 days, (or ~140 microns per
day) this would add a further 0.039 x 10° kg of water, to arrive at

a total of 0.118 x 10° kg per day deposited on the cap during late
summer.

5. Discussion
5.1. Possible geophysical scenarios to explain water ice observations

In this study we have established for the first time that strong
changes in the H,O index occur across the north polar cap dur-
ing late summer. These changes can be used to separate the cap
into regions based on the growth or decrease in the H,O index.
We shall now briefly consider alternative scenarios or contributing
factors to explain the observed changes in the H,O index.
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Fig. 8. A diagrammatic representation of key elements of the north polar water cycle as revealed by this study. On the left is the period after CO, ice has disappeared in
mid spring. During this period the water ice band depths are stable, with only a small amount of sublimation (see Fig. 4 of Brown et al,. 2012). In the center is the ‘net
sublimation’ period, indicated by the wavy blue up arrow. On the right is ‘net condensation’ periods, shown by a wavy blue down arrow with a cloud that indicates snowfall
(and direct deposition) is occurring during this time. The timings shown are appropriate for Point B, which is pointed to by the three red arrows. The length of the red
arrows represents the strength of the solar insolation during each period. The timing of the ‘mode flip’ occurs earlier for regions closer to the pole than Point B, and later
(or not at all) for regions on the edge of the cap. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)

5.1.1. Scenario #1: physical break up

One possible explanation for the spectral changes is that the
large grains of water ice are being decimated in the course of the
summer, causing cracks and asperities to appear, thus increasing
the number of scattering centers in the ice (which is equivalent
to decreasing the grain size). However, this process requires an es-
tablished old snowpack and infers no fresh water ice deposition,
which runs counter to physical models of the cap water cycle dy-
namics (Haberle and Jakosky, 1990; Tyler and Barnes, 2014) and so
is not our preferred scenario.

5.1.2. Scenario #2: removal of covering of coarse grained ice to reveal
fine grained ice substrate

A second alternative is that large grain water ice is be-
ing removed, thus exposing fine grained water ice that is
stratigraphically below it. Since typical terrestrial snowpacks in-
crease rather than decrease in grain size with depth (Carmagnola
et al., 2013), this is not our preferred explanation.

5.1.3. Scenario #3: accumulation of fine grained water ice

The third scenario we discuss is that of accumulation of fine
grained water ice on top of large grained water ice during the late
summer period. This could take place in the form of direct con-
densation from water vapor in the atmosphere and/or as precip-
itating snowflakes. This is consistent with MAWD (Farmer et al.,
1977), TES (Smith, 2004) and CRISM (Smith et al., 2013) observa-
tions that show a decrease in north polar water vapor after Ly =
120.

5.2. Direct Deposition from water vapor vs. precipitation by
snowflakes

Making the assumption that the increases in H,O ice index we
observe are due primarily to accumulation of fine grained ice, we
still cannot directly attribute the change in H,O index to a par-
ticular deposition process. Both precipitation in the form of wa-
ter ice snowflakes and direct condensation of water ice onto the
cap can reproduce the signal that we have detected. We can only
state that we are observing a surface process (and not a buried
process) because our detection method is only sensitive to the top
few centimeters of the snowpack. In addition, we cannot say any-
thing about the timing of the diurnal deposition patterns; we can

only quantify the diurnal patterns and sum them to obtain the net
seasonal deposition or sublimation amount.

Direct deposition from water vapor is consistent with the Bass
et al. (2000) model of water ice subliming on the warm exterior
of the cap traveling poleward, and sinking and accumulating on
the cold cap interior. The other alternative of ice deposition by
snowflake deposition is supported somewhat by the requirement
in our RT model to add a fine grained water ice component to
fit the models to the CRISM spectra. A good fit is obtained us-
ing the approximate size as ice crystals that have been detected
by Phoenix using LIDAR (35 microns) and solar observations (10-
70 microns) in the early morning period (Whiteway et al., 2009;
Lemmon, 2014). It is conceivable that the snowflakes are deposited
onto the cap in the early morning hours and are then observed by
CRISM on its next observation of the cap. Our observations would
then suggest that this process is more likely to occur as the atmo-
sphere cools closer to the geophysical pole.

5.3. Net condensation and net sublimation time periods

When we observe CRISM spectra from Point B as a function of
time, we can identify two broad periods for the summer water cy-
cle in the north polar region. The first part of summer is domi-
nated by strong solar insolation, favoring net sublimation, while in
the last part of summer the radiative cooling of the atmosphere
favors net condensation of water vapor onto the cap.

Fig. 8 shows a cartoon of the north polar water cycle in the two
different summertime modes highlighted by this study. On the left
is the sublimation period (Ls = 90-125 for Point B), where the po-
lar cap is in net sublimation mode, solar insolation is the dominant
term and there is no condensation occurring on average. Conden-
sation may occur, particularly at night, however the daily average
will be net sublimation of water ice. Of course, small regions of net
condensation may occur over the polar regions poleward of 87°N
where CRISM are extremely sparse.

Shown on the right of Fig. 8 is the cap in condensation pe-
riod, for Point B, this extends from L = 125-167. Sublimation
may take place, particularly during the middle of the day, but the
daily average is net condensation. For colder locations, closer to
the pole than Point B, or regions that experience significant peri-
ods in shadow, the condensation period will begin earlier in the
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summer. For regions on the periphery, the sublimation period can
be expected to last longer.

5.4. Martian water budget implications

5.4.1. Martian water budget in northern summer

We can combine our estimates of the amount of water ice de-
position with the estimates of water ice and vapor from previous
studies to come up with a simplified water budget during Martian
northern summer.

Smith (2004) used MGS TES data to produce global maps of at-
mospheric water vapor over several Martian years. Smith reported
that a plume of water vapor of strength 40 pr-iwm (e.g. his Fig. 5)
was present over the north polar cap from Ls = 90-150, when it
decreases markedly to around 20 pr-pm. In broad terms, this re-
quires that roughly 20 pr-pwm of water ice is either deposited on
the polar cap or travels equatorward at Ly = 150.

Bass et al. (2000) estimated 14 microns of water ice may have
been deposited on the north polar cap (we disregard their coarse
grain deposition estimate, which we believe to be an unlikely sce-
nario after the results discussed herein). Using the Bass et al. and
Smith estimates, this leaves 6 pr-jum to travel equatorward.

Our calculations suggest that throughout late summer, a net to-
tal of 0.64 x 10° kg per day is deposited on the polar cap, in-
cluding the amount deposited minus the amount sublimated. This
is equivalent to a layer ~70 precipitable microns thick of water
ice per day in the Ly = 135-164 time period. This estimate is far
larger than the amount of water ice removed from the atmosphere
(~20 precipitable microns), and thus it highlights the importance
of intra-cap water ice transport for explaining our deposition ob-
servations.

5.4.2. Comparison to south polar deposition

The scattering calculations presented in this study estimate that
on average a layer of water ice ~70 microns thick is deposited in
the Ls = 135-164 period. This is far larger than the results of wa-
ter ice deposition on the south pole during summer, where an av-
erage water ice layer 0.6-6 microns deep has been estimated using
CRISM observations (Brown et al., 2014). This result is undoubtedly
due to the large amount of water vapor present over the north po-
lar cap in comparison to the south polar cap (e.g. Smith, 2004).

5.4.3. Volatile measurements during polar night

How much water ice is deposited during the polar night? Since
CRISM is a passive instrument, we have no data on water ice de-
position during the polar night. We have to assume that further
water ice deposition is likely after Ly = 167, which is our last ob-
servation time for MY28. After this point, as the Sun drops below
the horizon in the Martian arctic, remote sensing of water ice de-
position will require high resolution active sensors that can differ-
entiate CO, and H,O ice. One such future instrument has recently
been proposed (Brown et al., 2015) that will address this water ice
deposition question, in addition to many other outstanding Mar-
tian climate and energy balance questions.

5.5. GCM and mesoscale modeling comparisons

5.5.1. Comparison to mesoscale models condensation and sublimation
maps

Numerical models of Martian water ice cycle generally take two
depositional terms into account. The first is a snowfall term where
ice forms in the atmosphere and falls directly on the surface. The
second term in the models is direct deposition of water vapor from
the atmosphere to the surface. As discussed previously, the CRISM
measurements are sensitive to the sum of these two processes and
cannot distinguish between them.

CRISM observations of H,0 index and derived net sublimation
and condensation regions over the Ls = 132-167 period shown
in Fig. 7d can be compared (with some caveats) to Fig. 12b of
Tyler and Barnes (2014), which was generated by a simulation at a
slightly earlier period (Ls = 120). Unfortunately, insufficient CRISM
observations of the Ly = 120 period are available to construct a
mosaic for this time period and mesoscale observations of the Lg
= 132-167 time period do not yet exist. However, to first order,
the Tyler and Barnes simulation results are in accord with the wa-
ter cycle model presented here. The Tyler and Barnes simulated
sublimation regions are around the periphery of the cap and net
condensation regions occur in the interior of the cap.

Two discrepancies between CRISM observations in Fig. 7b and
Fig. 12 of Tyler and Barnes are important to note. Firstly, the north
polar outlier deposits are undergoing net sublimation in the Tyler
and Barnes model, whereas they are clearly undergoing net con-
densation in Fig. 7d. This is largely due to the difference in time
period, and could highlight another region of interest for future
study. Secondly, the Tyler and Barnes model shows the strongest
deposition occurring at Ly = 120 over the direct pole, which is
largely inaccessible to CRISM. The small number of cap overpasses
shown in Fig. 7a and b do not show unusually high amounts of
deposition occurring poleward of 87°N during mid to late summer.
It is difficult to draw strong conclusions from these handful of ob-
servations and more data is needed to settle the matter.

Quantitatively comparing the deposition estimates of Tyler and
Barnes (2014) with our estimates, we see that their total deposi-
tion rates are ~0.5 x 10° kg per day and sublimation rates of 8.9
x 102 kg per day. Our deposition estimate is 0.11 x 10° kg per day
and our sublimation estimate is 0.05 x 10° kg per day. Our best
estimates of deposition rates in the net deposition region in late
summer are ~140 microns per day. Tyler and Barnes report maxi-
mum deposition rates of 5 microns per day in mid-summer. These
differences are also largely due to the difference in season between
the Tyler and Barnes simulation in mid-summer (Ls = 120) and our
mapping season (Ls = 135-164).

It is important to note that in addition to the offset in time
period, the resolution of the mesoscale grid for Tyler and Barnes’
study was 15 km, compared with our roughly 0.5 km per pixel res-
olution in Figs. 2, 3 and 7. The results of this initial comparison
certainly invite further mesoscale modeling during late summer in
the north polar region.

5.5.2. Direct deposition model and MAVAIL parameter

As discussed in Tyler and Barnes (2014), the current state-of-
the-art numerical models of the Martian surface-atmosphere trans-
port employ a heuristic scheme to determine the amount of wa-
ter ice deposited during each GCM time step. The flux of vapor at
the surface (Fgy fvater) i calculated to be the product of a mixing
coefficient (Cpixing) and difference between the equilibrium mass
mixing ratio over ice at ground temperature (Mreq,;) and the va-
por mass mixing ratio at the lowest atmospheric layer (Mrigyest)-
The sign of the difference term determines whether sublimation
or condensation takes place.

Fsurfwater = L“mixing (Mrequil - Mrlowest) (4)

The mixing ratio, Cpxing, is @ function of air density, surface
wind stress, a stability function particular to the GCM planetary
boundary layer scheme and a moisture availability (MAVAIL) pa-
rameter. MAVAIL is a tunable parameter that reflects the ’ease’ with
which ice atoms stick to the Martian surface. Since it is not a phys-
ically measurable quantity, it is not possible to determine experi-
mentally. Such a parameter is likely to be a function of ice and
regolith porosity, chemical activation, grain shapes and sizes, the
history of condensation and densification of the icepack (Arthern
et al., 2000) and many other second order factors.
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Tyler and Barnes (2014) chose values of MAVAIL = 1 for subli-
mation of ices from the north polar cap, 0.5 for sublimation from
off-cap snow or frost, and following some experimentation, chose
MAVAIL = 0.1 for deposition onto any grid in the simulation. Tyler
and Barnes only simulated a period of 20 sols around Ls = 120
for their 2014 simulation, but in future numerical experiments, the
tuning of the MAVAIL parameter could be informed by comparisons
with the seasonal water deposition amounts reported in this paper.

6. Conclusions

This investigation has used CRISM mapping data to examine the
summer water ice cycle of the Martian north polar cap. We have
mapped changes in the H,0 index and snow cap albedo as a func-
tion of space and time and identified net sublimation and conden-
sation regions and periods at the limit of CRISM spatial and tem-
poral resolution.

1. Quantification of summer water ice deposition: Under the as-
sumption that the shrinking of apparent grain sizes is due to
the deposition of fine grained water ice, we approximated the
total amount of water ice deposited on the cap each summer.
The scattering calculations presented herein suggest that on av-
erage a water ice layer ~70 microns thick is deposited in the
late summer Ls = 135-164 period. This is far larger than the re-
sults of deposition on the south pole during summer, where an
average layer 0.6-6 microns deep has been estimated by Brown
et al. (2014). This estimate is far higher than previous estimates
by Bass et al. (2000) and highlights the far greater complex-
ity of the north polar cap water cycle than can now be appre-
hended using the CRISM instrument multi-year dataset.

2. Repeatable water cycle: We have identified a repeatable sum-
mer cycle that displays two stable modes, 'net deposition’ and
‘net sublimation’. We have used individual CRISM spectra from
small observations of the cap throughout the summer to show
that the broad behavior of deposition and sublimation that we
were able to map in MY28 extends to other Mars years and is
therefore a regular feature of the current Martian climate.

3. Mode flip timing: We have established that regions of the cap
will undergo a 'mode flip’ depending (to first order) on their
proximity to the north pole. Topography, composition and shad-
owing will also play an important local role.

4. Net sublimation period: In the interior of the Martian north po-
lar cap, for example at Point B, water ice absorption bands grow
from the end of springtime (L = 85) until Ly = 120. This will
likely be due to a combination of (1) thermal metamorphism
of water ice (Eluszkiewicz, 1993; Ossipian and Brown, 2014) re-
sulting in growth of grains as they age, and (2) removal of a
coating of fine grains by wind or sublimation, revealing larger
grained ice beneath.

5. Net deposition period: In the cap interior at Point B, after Ls =
135 (see Fig. 4a and b) the absorption bands depths begin to
decrease, consistent with the deposition of fine grained ice. This
may occur through a combination of precipitation (snowfall)
and/or direct deposition from water vapor in the atmosphere.

6. Net deposition regions: We have shown that the apparent pat-
terns of water ice deposition on the north polar cap favor the
interior of the polar cap and the Gemina Lingulae region of the
cap. These areas enter the 'net deposition’ phase earlier than
regions on the periphery of the NPRC.

7. Net sublimation regions: We have observed that regions expe-
riencing high insolation remain in net sublimation mode for
more extended periods of time. For example, the periphery of
the cap acts as a net sublimation region throughout summer.
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Appendix A. Onset of polar hood obscuration

In order to determine the north polar hood NIR opacities, which
are measured by the CRISM instrument and different from visi-
ble opacities available from the MARCI dataset, we use the CRISM
dataset itself to constrain the timing and thickness of the north
polar hood. We do this in order to rule out atmospheric interfer-
ence that would undermine our quantitative findings and to quan-
tify the errors induced by atmospheric effects on the H,O index.

In MY28, at the start of the MRO CRISM mission, a large num-
ber of full resolution observations were obtained at the Phoenix
landing site at 68.22°N, 234.3°E in preparation for the landing in
summer of MY29. As shown in Table A.1, these run from Ly = 162-
181, and cover the period when the north polar hood develops. We
therefore can use them to bootstrap a pole-wide background opti-
cal depth for atmospheric water ice.

Inspection of the CRISM observations in Table A.1 shows the
amount of atmospheric water ice broadly increases as a function
of time. The Phoenix observations were made in MY28, same year
as the CRISM images that we used to create Figs. 2, 3 and 7 and
the fits shown in Fig. 6a and b. We calculated the H,0 ice index
(which is a proxy for the 1.5 pm band), and these values are tabu-
lated for each observation. There is no ground ice over the Phoenix
site at this time, so the signature of water ice is only due to the at-
mospheric water ice of the north polar hood.

In order to convert the H,O ice index into an optical thick-
ness of atmospheric water ice, we used the DISORT_multi program
which is used to realistically model the effect of water ice and
dust in the Martian atmosphere on CRISM spectra (Wiseman et al.,
2014; Wolff et al., 2009). We first extracted a surface albedo spec-
trum for the Phoenix landing site by running DISORT in inverse
mode, and obtained a spectrum of a roughly “flat” albedo close to
0.25 and a 3 micron water band, ubiquitous in the spectrally fea-
tureless region of Acidalia Planitia (Horgan et al., 2009).

Using this “bland” spectrum as a surface albedo, and employ-
ing a Lambertian scattering assumption for the surface, we gen-
erated artificial Martian atmospheres using the DISORT_multi code

Table A1

CRISM FRT observations overlapping the north polar cap over the Phoenix landing
site in MY28, one Mars year before landing. Each spectrum was taken from the
center of each image. The landing site is located at 68.2°N, 234.3°E, at a MOLA
elevation of —4108.660 relative to the Martian peroid.

FRT # Ls H,0 index Qualitative assessment Derived NIR optical

depth of H,0 ice

3CAB 162 0.011 No water ice signature  ~0
3F9A 171 0.038 Patchy cloud apparent 0.75
419C 176 0.102 100% water ice cloud 4.5
4395 181 0.087 100% water ice cloud 3.5
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Table A.2

DISORT_multi results of varying water ice optical depth and
resulting H,O index. The artificial atmospheres are gen-
erated over a featureless ground spectrum based on the
Phoenix landing site, using solar incidence angle = 75°,
emission angle = 1°, phase angle = 75°.

Ice optical depth H,0 index
0 0.008
0.05 0.017
0.1 0.018
0.2 0.021
0.25 0.023
0.5 0.027
0.75 0.036
1.0 0.041
2.0 0.063
3.0 0.079
4.0 0.095
45 0.103

for different water ice optical depths, at 1 nm resolution. These are
shown in Table A.2.

Using the data in Table A.2, we can fill out the final column
in Table A.1, which assigns a derived water ice optical depth for
the near infrared part of the spectrum, where the 1.5 um band is
located and which we have relied upon in our quantitative fitting
in this paper. At Ly = 162, the atmosphere has NIR optical opacity
of approximately 0. At Ls = 171, this increases markedly to around
0.75, then rapidly climbs to 4.5 at Ls = 176, then back to 3.5 for L
= 181. The peak at Ly = 176 is most likely due to baroclinic cloud
activity.

This method makes the assumption that the north polar hood
is relatively homogenous and does not increase in optical thickness
from the Phoenix landing site at 68°N to the polar cap at Point B
at 85°N. MARCI images support this assertion with strong concen-
trations of baroclinic waves circling around the edges of the pole,
and Fig. 3c of Benson et al. (2011) in fact indicates that the hood
is actually thicker at the edges and less optically thick at the north
pole, making our assumptions here appear conservative.

Based on a linear extrapolation between the derived optical
depths shown in the final column of Table A.1 (assuming a steady
build-up of cloud optical depth from Ly = 162-171) and consider-
ing a NIR optical depth of greater than 0.25 to be 'obscuring’, we
find that the north polar hood is obscuring in the NIR beyond Ls =
165.

Given that the H,0 ice index of an almost perfectly clear ob-
servation at Ly = 162 (first row) was still 0.011, we consider this a
good quantification of the error induced in the H,O index by the
atmosphere. Therefore, we adopt at +0.01 error for the H,O index
due to atmospheric effects.
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